[1] Water column stratification increased at climatic transitions from cold to warm periods during the late Quaternary and led to anoxic conditions and sapropel formation in the deep eastern Mediterranean basins. Highresolution data sets on sea-surface temperatures (SST) (estimated from U 37 O seawater depletion of eastern Mediterranean surface waters at the transition is between 0.5 and 3.0%, and in all but one case exceeded the depletion seen in a western Mediterranean core. The depletion in d
[1] Water column stratification increased at climatic transitions from cold to warm periods during the late Quaternary and led to anoxic conditions and sapropel formation in the deep eastern Mediterranean basins. Highresolution data sets on sea-surface temperatures (SST) ( O fc decreased (between 1 and 4.6%) and SST increased (between 0.7°and 6.7°C). Maximal d
18
O seawater depletion of eastern Mediterranean surface waters at the transition is between 0.5 and 3.0%, and in all but one case exceeded the depletion seen in a western Mediterranean core. The depletion in d
O seawater is most pronounced at sapropel bases, in agreement with an initial sudden input of monsoon-derived freshwater. Most sapropels coincide with warming trends of SST. The density decrease by initial freshwater input and continued warming of the sea surface pooled fresh water in the surface layer and prohibited deep convection down to ageing deep water emplaced during cold and arid glacial conditions. An exception to this pattern is ''glacial'' sapropel S6; its largest d 18 O seawater depletion (3%) is almost matched by the depletion in the western Mediterranean Sea, and it is accompanied by surface water cooling following an initially rapid warming phase. A second period of significant isotopic depletion is in isotope stage 6 at the 150 kyr insolation maximum. While not expressed as a sapropel due to cold SST, it is in accord with a strengthened monsoon in the southern catchment.
Introduction
[2] Sediment cores from the eastern basins of the Mediterranean Sea, and land sections of Neogene age in southern Italy, Sicily, and Crete contain series of sapropel layers (cm to m thick) sandwiched in hemipelagic, carbonate-rich and oxic sediments. The sapropels are rich in organic carbon, devoid of benthic organisms and often laminated, and were deposited during periods when the deep waters of the eastern basins were anoxic [Emeis et al., 2000a; Kidd et al., 1978; Olausson, 1961; Passier et al., 1999] . Similar and in part isochronous organic-rich layers have been found in the western Mediterranean Sea [Comas et al., 1996; Cramp and O'Sullivan, 1999; Emeis et al., 1991] , but their environment of formation is under debate [Béthoux and Pierre, 1999] . Deep water anoxia in the eastern Mediterranean Sea is linked to climate, as evidenced by the close correlation of sapropel intervals with maxima of insolation on the Northern Hemisphere (NH) and periods of decreasing ice volume ( Figure 1a ) Hilgen, 1991; Lourens et al., 1996; Rossignol-Strick, 1983; Vergnaud-Grazzini et al., 1977] .
[3] Sapropel periods were preceded by and coincided with changes in surface and deep water conditions and in water mass circulation of the eastern basin. The modern Mediterranean Sea has an antiestuarine circulation system with three water masses: Surface water flows east across the Strait of Sicily to balance evaporation in the eastern basins. Small seasonal differences in the density of surface waters result in the formation of the Eastern Mediterranean Deep Water (EMDW), as well as the Levantine Intermediate Water (LIW) [Malanotte-Rizzolli and Bergamasco, 1989] . Deep water forms today by winter convection in the Adriatic and the Aegean Seas when relatively fresh but cool water sinks and spreads out throughout the Ionian Sea and spills over the Mediterranean Ridge into the Levantine Basin [Roether et al., 1996] . The residence time of this deep water is of order 80 years, short enough so that the oxygen saturation remains above 60% [Krom, 1995] . The modern LIW mass forms in the Rhodes Gyre, spreads out in a depth interval above 500 m and is cooled again in the Adriatic Sea [Malanotte-Rizzolli and Bergamasco, 1989] . It thus supplies a source of preconditioned dense water that cools and sinks as EMDW [Wu and Haines, 1996] . In some instances, the Rhodes Gyre region develops a vertically mixed convective chimney during winter cooling and produces Levantine Deep Water which admixes with EMDW.
[4] One prerequisite for stagnation of deep water during sapropel formation was a decrease in surface water density (relative to that of deep water masses) that prevented sinking of oxygenated surface water into the deep basins. Both freshening and increasing sea surface temperature (SST) of surface water are candidates to lower the density of surface waters. Whereas the close link between climate and sapropel formation is uncontested, the climatic trigger for hydrographic changes and sapropel formation is a matter of debate. The original hypothesis [Olausson, 1961] was that meltwater from the northern catchment triggered deep water stagnation in the late Quaternary, but has been challenged recently due to differences in timing of Black Sea flushing [Lane-Serff et al., 1997; Ryan et al., 1997] . This hypothesis also fails to explain the very regular temporal pattern of sapropels during the Pliocene and in the absence of ice on the Northern Hemisphere [Hilgen, 1991; Lourens et al., 1996; Rossignol-Strick, 1983] . Alternatively, the northern catchment of the eastern Mediterranean Sea may have received increased precipitation during maximum insolation, leading to decreased salinity in the deep water formation areas [Rohling and Gieskes, 1989] . Recently, Béthoux and Pierre [1999] proposed that synchronous sapropel formation in the eastern and western Mediterranean Sea may be a consequence of decreased salinity of inflowing Atlantic surface water, reduced density of Mediterranean intermediate water forming in the eastern Mediterranean Sea, and reduced density difference of intermediate water masses at the Gibraltar Sill. Since approximately 600 kyr, sapropels were recorded under fully interglacial, fully glacial, and intermediate climate conditions (Figure 1) , and correlation of sapropels with oxygen isotope curves shows that some sapropels (sapropels S6, S8 and some older ones) formed during glacials or cold stadials. In these ''glacial'' sapropels, microfossil and pollen assemblages indicate cold and arid conditions in the eastern Mediterranean area and global sea level was low Rossignol-Strick, 1983 , 1985 Rossignol-Strick et al., 1998; Vergnaud-Grazzini et al., 1977] . Unfavorable for runoff from the northern catchment and for stratification, such conditions should also have increased the density contrast between Mediterranean and Atlantic water masses, and thus worked against deep water stagnation.
[5] Sapropel formation under glacial conditions is a strong argument for a source of freshwater in the monsoon system of Africa. It has been proposed that the salinity decrease may be due to greatly increased precipitation in the low-latitude southern catchment of the Nile River [Rossignol-Strick, 1983 , 1985 Rossignol-Strick et al., 1982] . In this hypothesis, sapropel formation would be closely linked to the strength of the African Monsoon and thus be connected to tropical and even southern hemisphere climate: the glacial sapropels S6 and S8 are seen to have formed in spite of unfavorable conditions in the Mediterranean [Castradori, 1993] . If true, this would make the Mediterranean Sea a unique recorder of tropical climate processes and their modulation by high-latitude influences. But the extent of freshwater discharge by the Nile river during some sapropel events is rather well constrained, suggesting that it was too small, or the effect too local, to alone explain the longlasting enhanced stratification or the extent of isotope anomalies [Béthoux, 1993; Foucault and Stanley, 1989; Jenkins and Williams, 1983; Krom et al., 1999; Rohling and Bigg, 1998; Rohling and de Rijk, 1999] .
[6] A key issue in the discussion on the causes of stratification is to estimate the changes in SST [Fontugne and Calvert, 1992; Thunell and Williams, 1989; Vergnaud-Grazzini et al., 1977] . The large range of variations in d
18 O fc (up to 5.5%) in the late Quaternary eastern Mediterranean Sea [Fontugne and Calvert, 1992; Thunell and Williams, 1989; Vergnaud-Grazzini et al., 1977] contrasts with open oceans records with only half that change. In the ocean, the variation is caused in part by the extraction and release of 18 O-depleted water by ice sheets (ice effect) [Mix and Ruddiman, 1984] and in part by sea surface temperature changes [Epstein et al., 1953] . The larger than global range of d 18 O fc in the eastern Mediterranean Sea is seen since the earliest Pliocene. It increased in the early Pleistocene with the onset of Northern Hemisphere glaciation and in particular since 600 kyr ]. The large range reflects swings between a concentration basin (the modern Mediterranean) and either dilution by enhanced inflow of fresh water, or by inflow of isotopically depleted water prior to and during sapropel events [Rohling, 1999] . Change in SST also contributes in two ways: as an influence on the isotopic fractionation, and as a factor determining the density of seawater.
[7] We wished to explore the magnitude of change in d 18 O seawater , the possible influence of SST change on stratification, and the geographical patterns of these changes. For this, we analyzed the d 18 O fc of the shallow-dwelling planktonic foraminifer Globigerinoides ruber (white) and SST on the same samples and in high temporal resolution over sapropels intervals in different basins of the eastern Mediterranean Sea. We compare the eastern Mediterranean excursions in SST and d
18
O fc to those found in a core from the Balearic Rise of the western Mediterranean Sea, which has no sapropel layers. Differing from previous studies [Kallel et al., 2000 [Kallel et al., , 1997 Paterne et al., 1999] , our paleo sea surface temperature estimates are based on the unsaturation ratio of long-chain ketones in lipid extracts (U 37 k 0 ) that are used to correct d 18 O fc for temperature effects. The unsaturation ratio of long-chain ketones U 37 k 0 [Brassell et al., 1986] in sedimentary lipids describes the relative abundance of diunsaturate and trunsaturated C 37 alkenones that are produced by haptophyte algae, among them coccolithophores and their most prominent species Emiliania huxleyi. A recent inter-comparison experiment [Rosell-Melé et al., 1998 ] and extensive field studies suggest that the method permits robust estimates of present and past SST over a wide range of environments and temperatures. With some caveats explained below, it is also applicable in the Mediterranean Sea [Cacho et al., 1999a [Cacho et al., , 1999b Emeis et al., 2000b; Ternois et al., 1997 Ternois et al., , 1996 .
Materials and Methods
[8] Intervals comprising the sapropels S1 and S3 through S10 were sampled at 1 to 2 cm resolution from cores recovered by Ocean Drilling Program Leg 160 at Sites 969, and 967 ( Figure 1 ; Table 1 ). In the Ionian Sea core at Site 964, only S1 and S8 were analyzed. Sample size restrictions and low concentrations of alkenones in nonsapropel samples precluded establishment of complete SST time series at the ODP sites, but most data sets include organic-poor muds below and above the individual sapropel layers. At the same resolution, tests of Globigerinoides ruber (white) were picked from the coarse fractions >63 mm and analyzed for d
18 O of calcite. Usually, 20 specimens were analyzed, but in some cases the number of specimens per sample decreased to <5 and yielded no reliable data. The isotope ratios are given relative to the PDB standard. Preparative and analytical methods for alkenone and isotope analyses are detailed in other papers [Emeis et al., , 2000b .
[9] All depths have been converted to revised meters composite depth (rmcd) ] for the ODP sites, and only this depth is reported in tables and is used in the age assignments. To obtain continuous SST and [Imbrie et al., 1984] and summer insolation at 65°N [Laskar et al., 1993] . (b) Map of sampling locations.
RL11 taken in the Ionian Sea at the location of ODP Site 964 (see Table 1 and Figure 1 ). All cores were correlated by comparison of color (Minolta spectrophotometer) and physical properties measurements (GEOTECH MSCL) done at 2 cm intervals, and by comparison of SST and d
18
O curves. Isotope records of G. ruber are available for Sites 967 ], 964, and 969 (Sakamoto, unpublished data) .
[10] The calculation of SST from U 37 k 0 relies on a linear relationship between unsaturation ratio and growth temperature of the haptophytes [Prahl and Wakeham, 1987] . Two linear relationships between sea surface temperatures and alkenone unsaturation ratios have been published for the Mediterranean Sea. The first is based on Uk 0 37 indices in 28 surface sediment samples and comparison to climatological SST [Emeis et al., 2000b] and corresponds to the global relationship found by ]:
which is virtually identical to the original equation [Prahl and Wakeham, 1987] based on cultures of Emiliania huxleyi. Another relationship
was found for suspended matter in the Northwestern Mediterranean Sea [Ternois et al., 1997] . It yields higher temperatures and a lower range of SST. The different calibrations require reconciliation by additional work, but for reasons given elsewhere [Emeis et al., 2000b] we use the global calibration to calculate SST in this paper. Below, the potential error resulting from an erroneous SST estimate will be briefly discussed. All analytical data will be deposited in the PANGEA data bank, or will be sent electronically upon request to the senior author.
[11] The stratigraphic position of upper Quaternary sapropels in the eastern Mediterranean Sea sequence has been established by radiocarbon dating of the youngest S1 [Fontugne et al., 1994; Troelstra et al., 1991] , by comparison of stable isotope curves with those of oceanic environments Kroon et al., 1998; Rossignol-Strick, 1983; Vergnaud-Grazzini et al., 1977] , by astronomical tuning of sapropel ages to insolation maxima [Hilgen, 1991; Lourens et al., 1996; Rossignol-Strick, 1983] and by dating of tephra layers [Kraml, 1997; Paterne et al., 1986] .
[12] Using the sapropel mid points as age markers which have a constant lag of 3 kyr after the June insolation maximum at 65°N [Hilgen, 1991; Lourens et al., 1996 ] is a simple and effective method, but may be too coarse when trying to unravel the exact timing of sapropels. Problems may originate from the only independent estimate of that lag, the age of the Holocene sapropel S1, and from postdepositional burn-down of the upper layers of sapropels, which would shift the physical midpoints to older ages . [13] We aligned the bases of sapropels and plot our data in relation to that reference level. The reason is that the thickness and depths below seafloor of sapropel layers vary widely at the three coring locations. We then adjust the bases of each sapropel to the ages given in Table 2 , which coincide with the maxima of the monsoon index and with maxima in Northern Hemisphere summer insolation in all cases but S4 . We reason that the initiation of sapropel deposition is the significant hydrographic event that must be compared with the peak of insolation to arrive at an age estimate that is independent of post-depositional effects. This fixing of the sapropel bases to maxima in insolation implies that the bases are isochronous, a view not shared by all workers [Ströhle and Krom, 1997] . The second implication is that the response of the eastern Mediterranean Sea to enhanced precipitation in the catchment is close to immediate. A lag of approximately 1 kyr between insolation maximum at low latitudes and the base of the sapropels is more likely ], but we chose to ignore this lag, which is difficult to quantify. We further use depths and ages of isotope events below sapropels [Martinson et al., 1987] as additional fixed points in the age assignments (Table 2 ). For the time series, we then calculated ages for each sample by linear interpolation between the stratigraphic fix points. A problem in the age assignment for sapropel S6 is that the top of the sapropel yields ages that are too young to be reconciled with the age of ash layer V-0 above the organic-rich interval in cores from the Mediterranean Ridge and the Ionian Sea [Keller et al., 1978] . The ash suggests that S6 is isochronous in the eastern Mediterranean ; it has recently been dated as 170 kyr ± 25 kyr [Kraml, 1997] , with later measurements significantly reducing the age error (M. Kraml, personal communication, 1999) . We thus added a stratigraphic fix point that sets the top of S6 to 170 kyr. This increases the sedimentation rate of S6 dramatically over that of surrounding muds, but because S6 is frequently laminated and is one of the few sapropels containing diatoms, we believe that the sedimentation rate increase in S6 may be real. 18 O across sapropel intervals. At Site 964/RL11, only sapropels S1 and S8 are considered; whereas the S1 interval has been dated [Emeis et al., 2000b] , the S8 interval floats, because it is not covered by an existing continuous isotope curve at that site. However, S8 is well constrained in an isotope curve of G. ruber from nearby core KC01B showing that the amplitude of d
Results

18
O fc in the Ionian Sea is comparable to that of other basins. The range of d 18 O fc is largest at Site 969 (À2.5% to 3.4%) in the eastern basin; the western record has a range from À1.7% to 2.8%. SST also vary strongly and range from 9C°to 21°C in the western and from 10°C to 25°C in the eastern records. The general features in the isotope records correspond to the standard isotope sequence in Figure 1a , although they are much spikier. An additional feature is the pronounced depletion within marine isotope stage 6 (around 150 kyr, between sapropels S6 and S5) that is not seen in the SPECMAP stack, and is only weak in the record from the western Mediterranean Sea (Figure 2a ). The temperature records show that SST remained cold during that time (Figure 2b ).
[15] Detailed profiles of SST and d 18 O fc across the sapropel intervals (samples within sapropels are marked with filled symbols) are shown in Figure 3 on the depth scales adjusted to the bases of the sapropels. Deposition of sapropel S1 began during the early Holocene at approximately 9.5 kyr [Emeis et al., 2000b; Fontugne et al., 1994; Troelstra et al., 1991] (Figure 3a ) and followed a rapid 18 O fc (À4.3% at DSST = 6.6°C) is seen on the western Mediterranean Ridge (ODP 969 and 71SL) and is 1.7% lighter and 2.1°C warmer than in the record from the western Mediterranean Sea.
[16] Sapropel S3 was deposited during isotopic substage 5a and its base is matched to the insolation maximum at 83 kyr. The median SST change is 1.7°C and d
O is depleted by 1.2%; the maximum depletion (2.7% at DSST = 0.7°C) is again at Site 969 and is approximately 1.8% lighter than in the western Mediterranean where the SST change is considerably larger. The second of the sapropels in isotope stage 5 is S4, which has been set to begin at 105 kyr. In isotope records, it is correlated with the beginning of isotope substage 5c. The alignment of sapropel bases between the Levantine and Mediterranean Ridge records is tentative, because a sapropel doublet was found at Site 967, as is typical for cores from the Levantine Basin [McCoy, 1974] . The largest change is again recorded on the Mediterranean Ridge with a maximum decrease of 3.3% in d
O accompanied by a rise in SST of 2.9°C. The Balearic Rise has a decrease of 1.3% and a warming of 2°C.
[17] Sapropel S5 is correlated with isotope substage 5e and with the beginning of the Eemian. SST rise from below 15°C in isotope stage 6 to more than 20°C at the top of the organic rich layer. In all records we note a decrease in d 18 O some centimeters below the base of the sapropel ( Figure  3d ). The median SST increase is 8.7°C and accompanies a decrease by 2.7% in d
18 O. This moderate average isotopic depletion reflects the lack of data for the full glacial isotope stage 6 in the Levantine Basin Site 967. Nonetheless, this site still has the maximum depletion in our data (4.6%) at a rise of 6.7°C in SST. Maximum depletion in the western Mediterranean is 3.5% at DSST = 8.9°C.
[18] The SST records of sapropel S6 are unique, because the sea surface cooled during the sapropel interval ( Figure  3e ). Only four samples within the basal S6 contained specimens of G. ruber for measurement of d 18 O, the centers of the S6 intervals were barren. At Site 969, one measurement at 1 cm above the base was 0.8%, one at 2 cm above the base was À2.5%. The moderate isotope depletion of 1.4% suggested by the medians (based mainly on the data points from the top of S6) is certainly too low, and that between minimum and maximum at Site 969 (4.3% associated with a temperature decrease of 2.1°C) is more likely to reflect the magnitude of isotopic depletion of the surface layer. G. bulloides records from the Ionian Sea [Schmiedl et al., 1998 ] and the Mediterranean Ridge [Thunell et al., 1983] have depletions of 3% and 2.6%, respectively. The record from the western basin has a depletion of 3.1% of G. ruber calcite at SST that cooled by 1.6°C.
[19] Sapropel S7 (Figure 3f ) was deposited at the end of interglacial stage 7 (substage 7a) and its base is matched to the insolation maximum at 197 kyr. The median d change in the western basin was À1.5% in d
18 O and a warming of 2.1°C. Orbital tuning aligns the base of S8 with insolation cycle 20 at 220 kyr. It began to form during the brief and intensely cold isotope stage 7d with basal temperatures that are as low as 13°C. SST warmed rapidly during the sapropel period and reached between 18 and 20°C toward the top (Figure 3g) . As was the case with S6, the planktonic foraminifer G. ruber is absent in most samples from the bases of S8. At Site 969, G. ruber shows a decline in d
O from À0.1% to À2.3%. After the barren interval, d
18 O begins at À2%. We also measured the d 18 O of G. bulloides, which yielded specimens in all S8 samples at Sites 964 and 967 (Figure 3g ). Both records show very high variability within S8, but most heavy values below the base are 1.5% and decrease to À0.5% within the sapropel. At the location in the Levantine Basin, d
18 O decrease over almost 1.5% from 1 cm below to within the sapropel, whereas the change in the Ionian Sea record is more gradual. The median decrease in d
18 O is 1% in G. ruber, accompanied by 2°warming. Maximum decrease in d 18 O is 2.2% at Site 969 at DSST = 1.7°C. We aligned the SST record of SL87 with those of the eastern Mediterranean Sea for correlation (Figures 2a and 3g ) and find that the SST and isotope records are offset by several cm. Barring a misalignment, the d
O change in the western basin associated with S8 deposition was À1.5% and SST warmed by 0.8°C. Two sapropels (S9 and S10) were only analyzed at Site 967 and in core M40/71. The maximum decrease in d
O is 1.9 and 1%, respectively, accompanied by SST increases of 4°and 2°C (Table 3) .
[20] In summary, the development of conditions in the sea surface before and during individual sapropel periods was very similar at all locations in the eastern Mediterranean Sea. The d
O fc decreased in all cases some centimeters below or at the sapropel base. Most sapropels show a warming coincident with or slightly lagging the lowered d
O fc values. An exception to this pattern is sapropel S6, which exhibits cooling within the organic-rich layer. In all cases, the isotopic depletion of records in the eastern basins significantly exceeded that of the western basin. We also note that most significant depletions in d
18 O apparently occurred in the vicinity of the Mediterranean Ridge, except in the cases of S5 and S7, which are most depleted in the Levantine Basin.
Discussion
[21] After discussing possible errors, we use our data to estimate the change d
18
O seawater associated with each sapropel event in the eastern Mediterranean Sea and to search for spatial gradients. By comparing the estimates of SST and d
O seawater with the record from the western Mediterranean Sea, with climatic indicators of monsoon strength, ice volume, and insolation, we hope to identify the footprints of possible influences on hydrography in the eastern Mediterranean Sea. Finally, we use the combined isotopic and SST records to shed light on the possible causes for ''glacial'' sapropels S6 and S8.
Error Estimates
[22] Two regressions between SST and U 37 k 0 exist for the Mediterranean Sea [Emeis et al., 2000b; Ternois et al., 1997] that differ in slope. Notably, the regression of Ternois and coworkers causes increasingly higher temperature estimates in the low U 37 k 0 range. The maximum error, which we risk by using the global calibration ] to calculate the temperature difference between the warmest sample (U 37 k 0 = 0.85) and the coldest sample in stage 6 of core M40-4/67 (U 37 k 0 = 0.43), is 2.3°C. For the intervals preceding and in sapropels, the maximum discrepancy is 1.1°C for S1 and S5. For the other intervals, it is below the analytical error estimated at 0.5°C. Our range of temperatures agree well with the range of SST reconstructed from foraminifer assemblages [Emeis et al., 2000b; Ternois et al., 1997] , but the detailed patterns differ significantly from their less resolved reconstructions. A further error in our SST estimates may arise from a variable overprint of the alkenone unsaturation patterns by diagenesis under oxic and anoxic conditions [Gong and Hollander, 1999; Hoefs et al., 1998; Prahl et al., 1989] . Gong and Hollander [1999] found a systematic offset between SST estimates from coeval laminated and neighboring nonlaminated sediments. The SST estimates of anoxic sediments were found to be colder by 2.5°C, attributed to bioturbation and a possible preferential degradation of the triunsaturated relative to the diunsaturated C 37 methyl ketones under oxic conditions. Their interpretations are in line with arguments presented by Hoefs et al. [1998] , but contradict earlier studies [Prahl et al., 1989 ] that found no evidence for preferential degradation. Our detailed data across oxic/anoxic transitions at the bases of the sapropels show a temperature decrease (expected from diagenetic bias) only in the case of S6 (Figure 3e ). All other transitions are marked by a temperature change in the opposite sense of that expected from diagenesis, and no transition (except S6 which is discussed below) shows abrupt offsets in the SST estimates. A second reason for our opinion that diagenesis has not affected the alkenone unsaturation ratios is the case of S9, which is an anoxic sapropel at Site 967, but is not present at Site 969 due to post-depositional oxidation. The temperature curves for both sequences are identical (Figure 3h) . However, the evidence remains circumstantial for the resilience of the U 37 k 0 against diagenesis. Should a systematic diagenetic change have caused raised U 37 k 0 (and higher calculated SST) of oxic sediments, then the estimates of temperature differences between underlying oxic muds and sapropels become greater. The effect on d
18 O fc and on the reconstructed d
18
O seawater of a 2°C underestimation of the SST difference between samples below and within sapropels would be À0.4%.
[23] Potentially more serious is a systematic error that we introduce into our calculations by using only one species of planktonic foraminifers [Tang and Stott, 1993] , and one that has a different growth season than the haptophytes which produce the temperature signal. The SST estimate from alkenones is biased toward SST during the bloom period of coccolithophores, which in the eastern Mediterranean Sea is during late winter/early spring [Ziveri et al., 2000] . G. ruber appears to be most abundant under summer/fall stratified conditions [Pujol and Vergnaud-Grazzini, 1995] . We thus probably underestimate the growth temperature effects on d
18 O calcite of G. ruber. However, we feel that this is a systematic error that applies to both the western and the eastern Mediterranean Sea. Inspection of relationships between annual average SST at 5 m water depth (from the Mediterranean Oceanographic Database) [Brasseur et al., 1996] versus average summer/fall and winter/spring SST show that the relationships are linear in both basins and are not biased by E-W differences. We have no basis for speculations that the linear relationships between SST in different seasons in the two basins did not hold for past conditions. calibration based on annual average SST, we effectively halve the error caused possibly by different growth seasons. Based on regression equations between climatological summer/fall and winter/spring SST at 5 m water depth, respectively, with annual average SST and the range of SST found in our data set for past conditions at peak isotopic depletion (maximum of 20.5°C in the case of S5), we estimate the maximum error incurred by using annual average SST at 2.8°C, equivalent to 0.56% d 18 O.
Because we are interested in relative changes at glacialinterglacial transitions, this error is substantially reduced by subtracting the error at minimum SST (in the case of S5, this is equivalent to MIS6.2 with 13.8°C, potential SST error estimated at 2.2°C, which is equivalent to 0.44 % d
O) from that at maximum depletion at the sapropel bases and arrive at a maximum error derived from seasonal offsets of SST and d
18 O fc signals at ±0.12% d 18 O for the transition from MIS6.2 to S5. This is well covered by our overall error .
Temperature and D
O Variations Associated With the Onset of Sapropel Conditions
[26] Based on the data displayed in Figure 3 , we calculated median values of SST and d
18
O fc during and before sapropel events for each location (Table 3 ). The curves in Figure 3 suggest, however, that the medians of values below and within sapropels do not capture the larger ranges of both properties. Table 3 thus also lists minima and maxima of d
O fc for each sapropel interval, the alkenone temperature estimate corresponding to the same samples, and their ages. In most cases, the alkenone temperatures were determined on the same sample; in those samples with maximal d
O fc that do not have a temperature estimate, we used the coeval temperature estimate from the nearest continuous record. Continuous records of temperature (Figure 2b ) suggest that the glacial-interglacial temperature change in the eastern Mediterranean Sea was close to 10°C. This is large in comparison to open-ocean SST records of alkenone temperatures from the same latitudes Doose et al., 1997; Emeis et al., 1995; Rostek et al., 1997; Schneider et al., 1995; Sonzogni et al., 1997; Zhao et al., 1995] , but agrees with estimates from the North Atlantic Ocean between 40°and 50°latitude [Madureira et al., 1997; Villanueva et al., 1998 ] and a recent estimate of SST change in the Alboran Sea [Cacho et al., 1999b] . The original estimates of glacial/interglacial SST change based on isotopes were 5.5°C (stage 10/9), 3°C (stage 8/7), 8°C (stage 6/5) and 4°C (stage 2/1), and are well matched by our data, as is the upper range of temperature change (11°C) postulated by Vergnaud-Grazzini [1975] . In their reconstruction of salinity change associated with S1, Thunell and Williams [1989] estimated that the eastern Mediterranean basin was 4°C colder during the LGM as compared to modern. On land, temperature changes were considerably larger. Based on a lacustrine pollen record from southern Italy, Allen et al. [1999] estimated that the temperature of the coldest month fluctuated by as much as 20°C over the last glacial period with high temporal variability. Foraminifer assemblages [Kallel et al., 1997] suggest a rapid increase in SST (10°C) at the end of the last glacial maximum, whereas numerical climate simulations [Bigg, 1995] produce temperatures that were lower by 5°C in the Mediterranean Sea in winter and by 1 to 6°C in summer during the last glacial maximum.
[27] The range of d
O fc in our records also recapitulates previous estimates [Fontugne and Calvert, 1992; RossignolStrick and Paterne, 1999; Schmiedl et al., 1998; VergnaudGrazzini et al., 1977] . The isotope depletion at the stage 6/ S5 transition and the stage2/S1 transition is 4.6% and 4.3%, respectively, when using maxima and minima. A detailed survey of records bracketing LGM and S1 [Rohling and de Rijk, 1999 ] gave a depletion of 3.4% in the eastern basin except for the Levantine Basin where it is 4.2%.
[28] Table 4 compiles the median and maximal values of DSST and Dd 18 O (difference from before to within the sapropels). We included the medians in this compilation, because they may be compared to results from previous and future low-resolution studies. Using a temperature factor [Epstein et al., 1953] In addition to regional SST change, the global ice effect has to be subtracted from the local record, for which we use the data set of Vogelsang [1990] (Table 4 ). The ice effect was highest prior to and during S5 (À1.24%) and lowest during S7 (À0.1%). This global effect further reduces the portion of Dd 18 O fc attributed to d 18 O seawater change, estimates for which are also listed in Table 3 . Estimated changes in d
18 O seawater associated with sapropels range from +0.4% (S10) to À3.2% (S6) in the median estimates. The changes based on maximal/minimal d 18 O fc are between À0.6% (S10) and À3.0% (S6).
[29] The temperature and ice volume corrections significantly reduced the large Dd
O fc associated with sapropels, and in most median estimates (except S6 and S7) to within the estimated error margin of 0.5%. After corrections, all median Dd
O seawater estimates (except those of S6 and S7; Table 4 ) also are in the same range as Dd
O fc depletions reported from Pliocene sapropels [Emeis et al., 2000a; Thunell et al., 1984] . Significantly larger Dd 18 O seawater estimates result from maximum and minimum Dd
O fc and the associated SST change (Table 4) . We note a stronger depletion starting with S7 compared with older sapropels, and in most cases the depletion is largest on the Mediterranean Ridge south of Crete. In all cases except S8, d
O seawater is more depleted in the eastern than in the western Mediterranean Sea (Table 4) .
Geographical Patterns
[30] The modern gradient in d
18
O seawater of surface waters is from 0.8 to 1.4% in the western Mediterranean, and from 1.3 to 1.7% in the eastern Mediterranean, i.e., around 0.5% [Pierre, 1999] . The gradient steepened by 1.1% during the Last Glacial Maximum and was caused by significant isotopic enrichment of d
O seawater in the Levantine basin in response to decreased advection of Atlantic inflow and increased evaporation [Rohling and de Rijk, 1999] . Based on numerous isotope records, these authors also established eastward increasing d
18 O seawater during the Holocene optimum and sapropel S1 time, but found that the gradient was only approximately 50% of its present-day magnitude and was caused mainly by largest relative depletion in the Levantine Sea: For the youngest sapropel S1, the glacial-interglacial difference in d
O seawater was À0.8% in the western basin, À1% in the central eastern basin, and À2.2% in the Levantine Basin. Rohling and de Rijk [1999] concluded that the Mediterranean Sea continued to operate as a concentration basin during S1 formation, but that the freshwater deficit was substantially smaller than today. In their view, reasons for the diminished freshwater deficit centered in the easternmost Mediterranean Sea may have been seasonally enhanced Nile discharge, more depleted isotopic composition of Nile discharge, or decreased evaporation rates caused by lower wind speed, higher air humidity, or reduced temperature differences between air and sea surface.
[31] To search for first-order spatial patterns in the isotopic depletion of surface seawater, we used the data in Table 4a to solve the paleotemperature equation [Shackleton, 1974] for d
O seawater . Neglecting the global ice effect (which is the same in both basins) and based on only two records (the Balearic Rise core and the record of largest depletion in the eastern basin from Table 4a ), we consistently find a glacial enrichment in the eastern Mediterranean Sea (Table 4b ). An exception is during MIS 6, when the enrichment was equal in both basins. During sapropel periods, the gradient was consistently reversed, and d
18 O seawater was depleted more in the eastern basin than in the western basin (Table 4b ). The data thus are consistent with either enhanced freshwater inflow, decreased evaporative loss of freshwater, or with stronger isotopic depletion of freshwater sources to the eastern Mediterranean during all sapropel periods. Unfortunately, the geographical location of the maximum depletion in our records from the eastern Mediterranean Sea are mainly ODP Site 969 or neighboring core 71 on the Mediterranean Ridge. This is tantalizing, because that area is located in the eastward surface water flow of modified Atlantic water, which has been shown to persist under glacial and sapropel conditions [Myers et al., 1998 ], and is not close to any of the modern sources of fresh water. More indirect clues to the dominant freshwater source are not helpful either. The magnitude of the reconstructed Dd
O seawater change has no statistically significant relationship with either the monsoon index, or the peak insolation at 65°N in summer (Table 4a) . This mismatch is difficult to reconcile with exclusive or dominant freshwater sources in the Nile catchment, the size of which should depend on monsoon strength, or in the northern catchment, the size of which should be indirectly or directly related to NH insolation.
[32] However, our core from the Levantine basin is not optimally positioned to monitor Nile water outflow, because it is outside the path of Nile river that is deflected eastward by Coriolis forcing. Also, the data may be too sparse in some of the intervals preceding sapropels to bracket the full variation in Dd 18 O seawater . It is possible that a number of freshwater sources may have drained the South-eastern Sahara [Pachur and Kröpelin, 1987] and may have discharged through modern Libya. In summary, our data are consistent with an initial sudden influx of monsoon precipitation during summer, when winds are weak and mixing and dispersal of freshwater is impeded. As we discuss below, further evidence for a monsoon imprint and thus for a southern source are the strong depletions seen in all eastern records around 150 kyr and at S6 time.
Implications for the Trigger for Stratification
[33] The potential for the development of anoxia is high during transitions from cold and arid to warm and humid phases, because deep basins were filled with salty and cold deep water emplaced during the preceding glacials [Rohling, 1994] . Density of surface water decreased in the late glacial and post glacial due to inflow of fresh water and warming, and the density decrease was enforced by lack of deep convection so that fresher water pooled in the surface. The initial inflow of less dense water was the trigger that shut off deep convection long enough to establish a stable pycnocline. Stratification must have been stable enough so that winter density gains by cooling of the surface mixed layer were smaller than the density difference in midwater. The Old Deep Water (ODW) became anoxic rapidly, because the oxygen gained by downward eddy diffusion had been outstripped by oxygen demand of sinking detritus [Mangini and Schlosser, 1986] . The higher density decayed significantly less rapidly than the oxygen content of the ODW, decreasing only by salt loss to overlying water and heating from below. Added salt input from dissolution of Messinian salt in the subsurface may in part have replenish the salt lost by diffusion [Kullenberg, 1952; Myers et al., 1998; Rossignol-Strick, 1987] . Lack of convection concentrated isotopically light and relatively fresher waters in the surface layer. In concert with stronger heating during insolation maxima, the density of surface waters continued to decrease and remained lower than that of ODW. Thermal inertia of the water masses caused increasing SST in surface waters even when winters were more severe under conditions of higher seasonal contrasts that accompany lower insolation in winter. The annual overturn (triggered by winter cooling of surface waters) continued to some extent and replenished nutrients in the surface water, but convection was shallower [Myers et al., 1998 ]. Thus the density contrast between cold, salty and eventually anoxic ODW and a warming and less dense surface layer persisted over 2000-3000 years, i.e., for the duration of sapropel deposition [Myers et al., 1998 ]. Stratification broke up when the pycnocline was increasingly eroded by increasingly deeper convection in the late stages of sapropel formation, and when the trend to decreasing density of surface water ended.
[34] The scenario of sapropel formation as a consequence of an initially strong and gradually weakening contrast in deep and surface water density properties at climatic transitions would not require a substantial decrease of surface water d
18
O seawater and salinity. It would be a process that is to a significant extent aided by warming of surface waters: the steeper the warming trend, the longer can the density difference be maintained. But how can we reconcile the glacial sapropels S6 and S8 with this scenario? 4.5. The ''Glacial'' Sapropels S6 and S8
[35] The records of S6 and S8 indicate that SST were as low as 12°C during S6 and at the base of S8 (Figure 2b) . The low temperature estimates for the two glacial sapropels are fully in agreement with pollen and faunal records and suggest that they formed while large ice-sheets were extant in the high latitudes Rossignol-Strick and Paterne, 1999; Vergnaud-Grazzini et al., 1977] . Estimated mean annual temperatures at the northern coast of the Mediterranean have been 10°C colder than present during the last glacial maximum, with a steep gradient to permafrost conditions near 45°N [Bigg, 1995] . Similar temperature gradients can be assumed for glacial stages 7d (sapropel S8) and early stage 6 (sapropel S6).
[36] Sapropel S8 nevertheless conforms to the pattern proposed above in that the sapropel follows a phase with higher d
18 O seawater and lower temperatures, which would have been the time of ODW emplacement (Figure 4a ). S8 initiated near the end of the brief but intensely glacial isotopic substage 7d, coeval with the similarly very cold and arid pollen zone G in Macedonia [Wijmstra and Smit, 1976] . The pollen record of the northern catchment indicates mean temperature of $2°C for winter, $18°C for summer and mean monthly precipitation of $30 mm for winter and $20 mm for summer [Wijmstra et al., 1990] . These conditions reflect the presence of large ice-sheets during a full glacial period to the North, creating conditions that are arid and cold. It is not likely that significant freshwater would come from that area. Modulation of the precessional cycles by eccentricity cycles generated the maximum amplitude of the precession index variation, successively the deepest insolation valley at 231 kyr and the highest insolation peak at 220 kyr. This extreme contrast caused different climatic responses at different latitudes. In the high latitudes, the deep insolation valley at 231 kyr generated the rapidly accumulated ice sheet of isotopic substage 7d, and the inertia of the ice-sheet retarded the melting phase associated with the 220kyr insolation peak. In the low latitudes, the monsoon responded without lag to the 220 kyr insolation peak [Rossignol-Strick, 1983 , 1985 . Sapropel 8 thus started to deposit in response to the lowlatitude monsoon forcing earlier than the deglaciation, so Table 3 . Ice volume changes from cold isotope events before to of each sapropel have been estimated for the listed time intervals [Vogelsang, 1990] . The estimates of median and maximal SST change are from and the June insolation curve at 65°N [Laskar et al., 1993] at the onset of sapropel deposition show no correlation with d 18 O seawater . The age for the base of S1 is in calendar years. b Within time interval considered; data from Vogelsang [1990] . that the Mediterranean region was still in its glacial mode and SST was cold.
[37] The depletion in d
O bulloides is strong ( Figure 3) (Table 4a ), whereas the difference between the eastern and the western Mediterranean basins was significant (Table 4b) .
[38] Sapropel S6 remains to be explained. It has the largest depletion in d
18 O seawater , but the gradient in d
O seaseawater between the eastern and western Mediterranean Sea was small (Table 4b ). This lack of a gradient may reflect three influences: In the western Mediterranean Sea, inflowing North Atlantic surface water may have been depleted in the wake of ice-sheet melting and was not yet enriched by evaporation at the location of our core. Second, elevated continental runoff caused by southward displacement of atmospheric low pressure zones may have increased precipitation in the catchment of the western Mediterranean Sea [Nicholson and Flohn, 1980] . Third, the eastern Mediterranean Sea was significantly more fertile prior to and during S6 than in any other sapropel period [Schmiedl et al., 1998 ] which implies that stratification must have been weak before and after S6 [Castradori, 1993] . Mixing of surface and intermediate waters thus was more vigorous, and pooling of depleted waters was less effective in the eastern Mediterranean Sea.
[39] The low temperatures in the center of S6 develop against a general decrease in ice volume (solid curve in Figure 4b ) and near peak insolation. They are again matched by pollen data and suggest that the northern periphery of the Mediterranean Sea was glaciated, cold and arid, an unlikely source for significant amounts of precipitation and river runoff. The truly massive depletion of at least À3% in the d 18 O seawater (Table 4a ) apparently occurred at the very base of S6; the increased oxygen demand caused by increased fertility must have led to the initiation of anoxia very shortly after stratification.
[40] Two sources for the isotopically depleted surface water are possible. Our preferred source is increased monsoonal rainfall in the southern catchment [Masson et al., 2000] . In their climate model simulation with insolation forcing at 175 kyr and glacial boundary conditions, these authors show that the mean annual freshwater balance for the Mediterranean Sea (precipitation minus evaporation plus continental runoff ) increased by 0.7 m per year, composed of a reduction in evaporation and increased outflow from the Nile river. The northern African summer precipitation was intensified by 30% and may also have been channeled into the eastern Mediterranean via Libya. Our preference for the monsoonal trigger is further based on the large isotope depletion seen around 150 kyr in the continuous records (Figure 4b ). It is analogous in orbital configuration to the time around 525 kyr, when a massive odd monsoon [Rossignol-Strick et al., 1998 ] caused an unusually timed sapropel in the eastern Mediterranean Sea. The depletion at 150 kyr marks an unusually strong monsoon that did not manage to push the deep water into anoxia. Notably, SST in the Mediterranean Sea remained low at that time ( Figure 2b ); they were depressed by continental glaciation in the periphery. The equatorial South Atlantic, on the other hand (a major moisture source of the African monsoon) was uncharacteristically warm during isotope stage 6 [Schneider et al., 1996] and may have fuelled increased monsoon discharge into the Mediterranean Sea. It appears, however, that the surface water freshening associated with the depletion event at 150 kyr alone was not sufficient to push the eastern Mediterranean Sea into permanent stratification.
[41] The second source of freshwater during S6 may have been melting ice in the northern catchment. The temperature and isotope data are consistent with the idea that S6 must have formed as a consequence of massive meltwater discharge [Thunell et al., 1983] . The isotopically light water may have originated either from the Eurasian Ice Sheet and may have entered the eastern basin from the Black Sea, or may have come from alpine glaciers. The initial warming and latestage cooling limbs of the SST curve of S6 may be remains of the aborted regular sequence of events that lead to stratification and sapropel formation under favorable conditions of surface warming and moderate changes in surface salinity. The rapid and dramatic cooling embedded in S6 resembles short and intense climatic fluctuations known to accompany hydrological changes in the North Atlantic Ocean as a response to decaying ice sheets and freshwater discharges [Barber et al., 1999; Bond et al., 1992; Broecker et al., 1988; Fairbanks, 1989] (Figure 4) . However, such a meltwater event is unlikely under fully glacial conditions at 150 kyr.
Conclusions
[42] Sea-surface temperatures estimated from U 37 k 0 indices and d
18
O of planktonic foraminiferal calcite suggest that sapropels in the late Quaternary eastern Mediterranean Sea formed in response to temperature-and salinity-induced stratification, which led to stagnation and anoxic conditions in deep waters. SST increase and the global ice effect contributed significantly to depletion of d
O fc at transitions from cold to warm climatic stages, when sapropels formed. During most glacial stages preceding sapropels, surface water in the eastern Mediterranean Sea was isotopically enriched over the western basin. During most sapropel events, surface seawater in the eastern basin was more depleted. The range of local d
18 O seawater depletion associated with the transition from glacial to sapropel conditions is between 0.5% and 3.0%. Most high-resolution isotope records reveal that the depletion occurred some cm below or at the bases of sapropels, which is consistent with an initial inflow of fresh water at an early stage of enhanced insolation. Depletion is in most cases pronounced in the area south of Crete, which is not close to any present-day sources of freshwater. In our interpretation, increased capture of moisture by the southern catchment of the Mediterranean Sea from an intensified monsoonal circulation is the most likely explanation for the initial depletion. The location of strongest depletion suggests significant influx of water via fossil drainage systems in modern Libya. The initial trigger prevented convection and resulted in a pooling of isotopically depleted and less dense water at the sea surface. In addition, stratification was maintained by increasing SST during the course of the sapropel period.
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